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a b s t r a c t
We integrate constraints from published detrital thermochronometry and detrital 10 Be concentrations in a
single catchment to infer how erosion is shaping Alpine topography. We apply this analysis to the Codera
watershed in the Bergell Intrusion, Central European Alps, where rivers have incised into a glacial valley.
Because thermochronometric ages of bedrock samples increase with elevation, a distribution of detrital
ages in river sediment provides a tracer for the source elevations of sediment within the catchment,
while detrital 10 Be concentrations provide constraints on rates of erosion. We ﬁnd that modern erosion
rates within the ﬂuvial portion of the landscape are too low to permit the inferred ∼500 m of incision
during the most recent interglacial. Based on the spatial pattern of modern erosion rates, we predict
that if the incised ﬂuvial valley was formed during interglacial periods only, it has formed over the last
approximately 400,000 years.
© 2014 Elsevier B.V. All rights reserved.

1. Introduction
Measuring rates at which landscapes respond to changes in climate and tectonics is essential to understand the processes and
mechanisms facilitating erosion of the Earth’s surface. Quantifying
erosion rates in mountain belts is, however, challenging as various approaches integrate erosion rate over different time intervals.
These methods must therefore be supplemented by morphological
observations describing the interaction of surface processes, and
their temporal evolution within a landscape. In this study we address this issue with a method of determining spatial variations
in modern erosion rate in a small catchment in the Swiss Alps
using detrital thermochronometry and cosmogenic nuclide concentrations.
An outstanding challenge in this area regards the determination of the relative impact of principal erosional processes during glacial and interglacial cycles. Although these major climatic
cycles provide a ﬁrst-order control on surface processes, the relative impact of associated processes on alpine morphology, and
the distribution of present-day sediment production in formerly
glaciated regions remains an open question. A promising avenue
of research into this topic addresses the formation of deep bedrock
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gorges resulting from river incision into formerly glaciated Alpine
topography during interglacial periods (Bonney, 1902; Korup and
Schlunegger, 2007; Montgomery and Korup, 2011), or possibly resulting from subglacial meltwater (Dürst Stucki et al., 2012; Jansen
et al., 2014). These inner gorges can be incised as much as 500
m below bedrock surfaces assumed to represent a former glacial
valley ﬂoor, and if formed since the Last Glacial Maximum (LGM),
would indicate rates of ﬂuvial incision between 8.5 and 18 mm/yr,
amongst the most rapid recorded on Earth (Montgomery and Korup, 2011). Alternatively, assuming the most recent interglacial–
glacial–interglacial transition (MIS 5–1) was typical of long-term
(∼100 ka) Pleistocene climate cycles, the preservation of interglacial ﬂuvial topography within valleys that have been through
a full glacial cycle would indicate that long-term rates of ﬂuvial incision exceed those of glacial erosion in some portions of
the landscape, where glaciation may locally protect the valley
ﬂoor (Bonney, 1902; Garwood, 1910; McConnell, 1938; Lajeunesse,
2014; Tricart, 1960; De Graaff, 1996; Ostermann et al., 2006;
Sanders et al., 2014).
The onset of ﬂuvial incision into glacial landscapes within
the Alps has been debated for over a century and diﬃculties
in measuring incision rates have left this discussion unresolved.
Arguments supporting post-Lateglacial (approximately 10–15 ka;
Ivy-Ochs et al., 2008) onset for the incision of inner gorges were
principally founded in the observation that they were located at
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the base of glacial valleys (Penck, 1905). However, these arguments
would not apply if the gorge morphology could be preserved
through multiple glacial–interglacial cycles. Therefore, quantitative
estimates of erosion rate within ﬂuvial gorges in the European Alps
are required. By collecting cosmogenic nuclide exposure ages from
bedrock at a range of elevations within a ﬂuvial gorge, in the Western Alps, Valla et al. (2010) inferred Holocene incision rates by
calculating the time between the exposure of rocks from different
elevations. The calculated rates are greater than 10 mm/yr (Valla et
al., 2010), suggesting the gorge was formed within the last 5–6 ka.
The hypothesis that signiﬁcant bedrock gorges in the Alps can
form by ﬂuvial erosion during interglacial periods, however, is
not consistent with long-term erosion rates inferred from regional
thermochronometric data. Bedrock thermochronometry provides a
key constraint on the total amount of erosion permitted over the
last few millions of years, and by extension therefore also provides an upper constraint on the total amount of ﬂuvial erosion
(Montgomery and Korup, 2011). If it is assumed that present-day
inner gorges are the result of post-glacial ﬂuvial incision, similar
features should be expected to form during each interglacial. Furthermore, the amount of glacial erosion must have been suﬃcient
to erase the inner gorge formed during each preceding interglacial.
Predicted erosion based on present-day inner gorge depths would
therefore exceed 10 km in the last 1 Myr, far in excess of the
amount of exhumation constrained by thermochronometry in the
Alps (Vernon et al., 2008).
Alternative lines of evidence may attest to the antiquity of
Alpine inner gorges. Within several gorges across the Alps, deposits older than the LGM are found, indicating that the gorges
must be older than the LGM (Tricart, 1960; De Graaff, 1996;
Ostermann et al., 2006; Sanders et al., 2014). Nested analyses
of catchment-wide cosmic ray-produced nuclide concentrations
have been conducted in the Entlebuch watershed (Central Swiss
Alps). Data from these analyses support erosion rates as high as
3.5 mm/yr, and indicate that most recent erosion has been focused
within the inner gorge (Berg et al., 2012). Although high for the
Alps, these rates do not support the post-LGM inner gorge hypothesis unless erosion rates were much faster immediately following
deglaciation.
In this paper, we investigate the potential for preservation of
ﬂuvial topography in the Codera watershed on the western side
of the Bergell Intrusion (Central Swiss Alps) by combining existing detrital thermochronometric data (Garver et al., 1999) with
bedrock thermochronometric data (Wagner et al., 1977, 1979) to
estimate the spatial distribution of erosion rates within the watershed. We introduce a new method to simultaneously analyze
these data with catchment-wide erosion rates derived from cosmic
ray-produced 10 Be concentration in detrital quartz (Norton et al.,
2011). This allows us to explain the detrital age distribution and
the cosmic ray-produced nuclide concentrations in terms of spatial
variations in erosion rate. Our estimate of the spatial distribution
of erosion rates, in turn, can be related to differential erosional
processes across the ﬂuvial and glacial portions of the landscape
and thus used to evaluate hypotheses for the timescale over which
these features formed.
2. Geological setting
2.1. The Bergell Intrusion
The Bergell Intrusion is delimited to the north–west and to the
south by the Val Bregaglia and Valtellina, two large valleys that
drain into Lake Como. Topographic relief is characteristically high,
with the bottom of valleys at ∼300 m elevation and peaks ranging
between 3000 and 4000 m elevation.

Fig. 1. (A) Location of studied watershed with respect to the European Alps highlighted with the red box. (B) Perspective view of the Codera watershed showing
major geomorphic features. The color scale is the same for (A) and (B). (For interpretation of the references to color in this ﬁgure legend, the reader is referred to
the web version of this article.)

The lithology is composed of granitoid rocks intruded into the
surrounding high-grade metamorphic rocks of the Lepontine dome
and Austroalpine Nappes. The timing of emplacement ranges between 28 Ma and 32 Ma (Gulson and Krogh, 1973; Wagner et
al., 1977; von Blanckenburg, 1992; Oberli et al., 2004), and the
depth of emplacement ranges between 22–26 km (Davidson et al.,
1996). Following emplacement, the Bergell Intrusion was exhumed
rapidly to the surface by 26 Ma at rates exceeding 1 mm/yr (Jäger
and Hantke, 1984; Gelati et al., 1988). Apatite ﬁssion track ages
(which record the time since rocks cooled through approximately
110 ◦ C; Gallagher et al., 1998), suggest that exhumation rates decreased at approximately 13 Ma (Wagner et al., 1977, 1979). Apatite (U–Th)/He ages (which record the time since rocks cooled
through approximately 70 ◦ C; Farley, 2000) support a deceleration
of exhumation and constrain rates of ∼0.1 mm/yr until about 5 Ma
(Mahéo et al., 2012). These data also suggest that there has been
an increase in exhumation rates within the last ∼5 Ma (Mahéo et
al., 2012), related to a combined increase in rock uplift rate and
glacial erosion (Fox et al., 2014), to rates that are close to modern geodetic derived estimates of rock uplift rate of >1 mm/yr
(Serpelloni et al., 2013).
2.2. The Codera watershed
This study focuses on the Codera watershed, which drains the
western edge of the Bergell Intrusion. (See Fig. 1.) Elevations range
from the Piz Badile at 3300 m down to the outlet of the watershed to Val Bregaglia, near the town of Novate, at an elevation
of approximately 300 m. The length of main channel is approximately 15 km. The total drainage area is approximately 60 km2 .
During the LGM, the Codera watershed was ﬁlled with ice up to
an elevation of approximately 3000 m (Florineth, 1998), and ice
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Fig. 2. (A) Long proﬁle of main channel in the Codera watershed. The slope of the proﬁle within the U -shaped portion of the catchment has been projected over the ﬂuvial
proﬁle, dashed line. The inset shows sections across the valley (locations shown in D) with prominent steps which provide support for the projected glacial valley ﬂoor.
(B) Average cross sections across the ﬂuvial portion and U -shaped portions of the landscape, using the method of Hergarten et al. (2014). The central curve represents the
mean cross section and the upper and lower curves show the one standard deviation about the mean. All cross sections are normalized to the lowest elevation in the lowest
cross section. Topography (C) and maximum slope (D) of the lower reaches of the Codera watershed showing the transition from ﬂuvial to glacial topography. Also shown in
(D) are the locations of average topographic cross sections shown in (B) and the cross sections, x and y, shown in (A).

extended south to the Po Plain (Bini and Zuccoli, 2004). Lateglacial
retreat left Lake Como ice free by 15.5 ka (Bini et al., 1997), the
Valtellina was completely deglaciated by 13.49 ka and a dense
forest was established in the watershed by 12.32 ka (Pini, 2002;
Zoller et al., 1977).
The morphology of the Codera watershed can be split into three
geomorphic domains. In the lower reaches, 10–15 km along the
channel from the Piz Badile (Fig. 2A), and at elevations less than
approximately 1200 m, the watershed is characterized by a narrow V -shaped valley. Here the proﬁle is very steep and bedrock is
exposed at the base of the channel. We term this portion of the
watershed the ﬂuvial portion. In the lowest reaches of this ﬂuvial
portion the valley is very narrow and resembles a ﬂuvial gorge.
The middle ‘intermediate’ portion of the valley exhibits a U -shaped
cross section, with very steep bedrock slopes and a braided river
present at the valley ﬂoor. Upper reaches of the watershed reﬂect a
classical periglacial landscape, with very steep channels and abundant glacial cirques at high elevations. The exact locations of the
boundaries between these geomorphic domains is unclear, and although these domains are useful for interpretation, our method of
estimating the spatial variability of erosion rates does not require
a priori division of the watershed into process domains, and their
deﬁnition does not inﬂuence our results.
We can estimate the degree of ﬂuvial incision into the intermediate portion of the landscape by projecting the relatively ﬂat
U -shaped section of the valley (Fig. 2A). Steps in the long proﬁle of
glacial valleys are expected (MacGregor et al., 2000), and therefore

this assumption may overestimate the amount of ﬂuvial incision.
However, cross sections x and y (Fig. 2A, locations of these cross
sections are shown in Fig. 2D) highlight prominent breaks in slope
that are locally present on the valley walls. As these are approximately in line with the projected valley ﬂoor of the U -shaped
portion upstream (Fig. 2A), we interpret these as remnants of the
U -shaped valley, providing support for this simple projection. The
base of the ﬂuvial valley extends to approximately 500 m below
the projected glacial valley ﬂoor level, requiring recent incision
rates of >30 mm/yr, if the gorge is the result of post-glacial incision. Conversely, if the glacial valley was formed rapidly close to
the onset of glacial erosion at 0.89 Ma (Haeuselmann et al., 2007;
Leith et al., 2014) the required average incision rate decreases to
>1 mm/yr, or 2 mm/yr if we only consider ﬂuvial incision to be
the result of interglacial processes.
3. Detrital data
3.1. Cosmic ray-produced nuclides
The erosion rate of Earth’s surface can be inferred by measuring the concentration of cosmic ray-produced nuclides (e.g.,
10
Be) in bedrock (Lal, 1991). This is possible because cosmic rayproduced nuclides are produced at a predictable rate within the
upper few meters of Earth’s surface, which is removed through
erosion. Sediment transport processes deliver sand from eroding
bedrock surfaces containing an accumulation of 10 Be to the water-
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shed outlet. The concentration of 10 Be in this sand therefore represents an integrated signal of 10 Be from across the entire watershed
(Lal and Arnold, 1985; Brown et al., 1995; Granger et al., 1996;
Bierman and Steig, 1996). Most studies employ a simpliﬁed relationship between 10 Be concentration in river sediments and basinaveraged erosion rate that reﬂects several assumptions: i) loss of
10
Be from the basin by radioactive decay is negligible compared
to loss by erosion; ii) all parts of the watershed contribute quartz
to the sampled river sediment in proportion to their erosion rate;
iii) the erosion rate is constant over the time during which the observed 10 Be inventory accumulated; iv) the 10 Be concentration has
attained a steady state with respect to the erosion rate; and v) the
amount of 10 Be accumulated during sediment transport is negligible.
10
Be concentration in quartz has been measured from sand collected at the outlet of the Codera watershed and this concentration
can be used to infer erosion rate integrated across the watershed
(Norton et al., 2011). In the Codera watershed, the concentration
of cosmic ray-produced 10 Be has been interpreted in terms of an
average erosion rate of 0.71 ± 0.13 mm/yr over the last ∼1 kyr
(Norton et al., 2011).
3.2. Thermochronometric data
Detrital thermochronometric data have also been obtained from
the Codera watershed (Garver et al., 1999). In the Bergell Intrusion apatite ﬁssion track age increases with elevation (Wagner
et al., 1977, 1979), and so different ages observed in the detrital distribution can be related to speciﬁc elevations (Fig. 3A).
As above, the processes of erosion and sediment transport deliver sand from these speciﬁc elevations to the watershed outlet.
Assuming the age–elevation relationship holds for the entire watershed, the detrital distribution of apatite ﬁssion track ages reﬂects the probability that sand is coming from a speciﬁc elevation
within the watershed. This probability is a function of the areal
extent of bedrock at this elevation and the spatial pattern of surface erosion rate (Brewer et al., 2006; Ruhl and Hodges, 2005;
Stock et al., 2006; Vermeesch, 2007; McPhillips and Brandon, 2010;
Avdeev et al., 2011; Tranel et al., 2011). As noted by Garver et al.
(1999), the detrital age distribution (Fig. 3B) reﬂects ages from predominantly low and high elevations. However, to date it has not
been possible to determine whether this detrital age distribution
is predominantly a function of the hypsometry of the watershed,
variations in the slope of the age–elevation relationship, and/or
spatial variations in erosion rate. We develop an approach to identify spatial variations in erosion rate in the following section.
4. Methods
Detrital studies exploit the processes of erosion and sediment
transport to obtain samples that are representative of the watershed as a whole. The ability to relate sand-sized detritus obtained
at the outlet to bedrock erosion is therefore a function of several
factors: the spatial pattern of erosion rate across the watershed;
the lithology across the watershed; the grain size produced as a
function of erosion mechanisms across the watershed; and, due to
the effects of comminution during sediment transport, the distance
the sand has traveled since it was liberated from the bedrock.
The granitoid rocks of the Bergell Intrusion and metagranitic
rocks from the surrounding Gruf Complex contain similar mineral
assemblages, and we therefore assume lithological controls on the
production of detrital material are minimal. In addition, the watershed is small and steep, allowing us to assume there is little bias
associated with grain size due to variations in sediment transport
distance. Therefore, spatial variations in erosion rate due to differences in geomorphic processes will be the main factor controlling

the delivery of sand from the bedrock to the outlet of the watershed.
Given the above assumptions, the probability of observing a detrital grain at the outlet with some characteristic representative of
the bedrock is a function of the spatial pattern of erosion rate. As
an example, the probability pd (τd ) of observing a detrital age, τd ,
is the surface integral across the entire watershed, w, of the probability of sand coming from a speciﬁc location p s ( w ) multiplied by
the probability of observing τd given that location p s (τd | w ) (where
| means “given” within a Bayesian framework). Here we use pd to
denote probability related to a detrital datum and p b to denote
probability related to a bedrock datum. Formally, we can write,

¨

pd (τd ) =

pb



 



τd | w  p s w  dw  ,

(1)

w

where, p s ( w  ) is the erosion rate with respect to the
˜ erosion rate
integrated across the watershed (i.e. p s ( w ) = e ( w )/ w e ( w  )dw  )
as we can only constrain relative erosion rates.
4.1. Treatment of thermochronometric data
In order to estimate the likelihood of observing a speciﬁc detrital age, we need to estimate the likelihood of observing that age
at every location in the catchment. As bedrock age increases with
elevation, the likelihood of observing a given age of a crystal measured in the detrital population at a bedrock location within the
watershed, p b (τd | w ), is a function of the elevation and expected
spread of ages observed in single crystals taken from bedrock at
that location. In other words, because of this expected spread, a
speciﬁc crystal age observed in the detrital distribution is not diagnostic of a speciﬁc elevation but rather a range of elevations.
Previous approaches to parameterize p b (τd | w ) have assumed a
normal distribution for this spread (Duvall et al., 2012), however
this does not capture the expected asymmetric spread of individual crystals ages, which will ultimately make up the detrital age
distribution (Brandon, 1996; Galbraith, 1990).
Vermeesch (2007) presented an approach to account for asymmetric spread in age due to the counting statistics of ﬁssion tracks
in individual crystals. In this approach, the number of induced
tracks measured in crystals from the detrital sample is mapped
to an age distribution at a speciﬁc elevation through the following
steps: 1) select a number of induced tracks (N i ) at random from
the measured detrital distribution; 2) rearrange the apatite ﬁssion
track age equation (Hurford and Green, 1983) and calculate the
number of spontaneous tracks for the speciﬁed bedrock age and
N i value; 3) sample a Poisson distribution for N i and N s ; 4) use
these replicates in the age equation to predict a single crystal age;
5) repeat steps 1–4 hundreds of times to produce a synthetic age
distribution. Please see Vermeesch (2007), Glotzbach et al. (2013)
for further details on this approach for inferring a detrital age
distribution. For example, we calculated the expected individual
apatite ﬁssion track crystal ages for a bedrock age of 15 Ma, using
the distribution of induced tracks reported by Garver et al. (1999).
A histogram of these ages shows that they range from 1 Ma to
55 Ma, and ages of approximately 15 Ma are calculated most frequently (Fig. 4). Ages produced with this approach can be used to
calculate p b (τd | w ), with the advantage that sample speciﬁc characteristics are accounted for. In order to improve computational
eﬃciency, we note that the results of this approach can be approximated with a log–normal distribution with a mean of 15 Ma and
variance (σ 2 ) of 20 Ma (Fig. 4). Therefore, we can write the probability of observing a measured detrital age τd at a speciﬁc bedrock
location, b( w ) with known apatite ﬁssion track age is:

p b (τd | w ) =

1

√

σ ∗ τd 2π



exp −


(ln(τd ) − b( w )∗ )2
,
2(σ ∗ )2

(2)
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Fig. 3. (A) Age elevation relationship for AFT data in the Bergell from Wagner et al. (1977, 1979). (B) Detrital AFT data from Garver et al. (1999) shown as a histogram and as
the normalized cumulative density function (CDF) with individual ages plotted as black dots. The detrital dataset is composed of 114 ages.

4.2. Treatment of cosmic ray-produced 10 Be data

Fig. 4. Expected crystal ages for a bedrock age of 15 Ma. The gray histogram shows
the distribution of ages predicted using the method of Vermeesch (2007) using 1000
simulated ages. The black curve shows a log–normal probability density function
with a mean age of 15 Ma and variance of 20 Ma2 .

where b( w )∗ is the ‘location’ parameter and
rameter deﬁned as,
∗



b( w ) = ln 

b( w )2

σ 2 + b( w )2


,

∗

σ ∗ is the ‘scale’ pa-

 

σ = ln 1 +

σ2
b( w )2


.

(3)

In turn, the likelihood of observing a set of nd (τ1 , τ2 , ... and
τnd ) ages in a detrital sample, pd ( D ), is the product of the likelihood of observing each individual age:

pd ( D ) =

nd


pd (τd ).

(4)

τd =1

The likelihood of observing an individual age p b (τb | w ) is,

p b (τb | w ) =

1

√

σ 2π


exp −



τb − b( w )
2
σb
1

2 
,

(5)

where σb is the uncertainty of the observed bedrock age. In turn,
the likelihood of observing a set of (nb ) bedrock ages p b ( B ) is then
the product of the likelihood of observing each individual age,

pb ( B ) =

nb


p b (τb ).

(6)

τb =1

By varying both p s ( w ) and b( w ), we can maximize the probability of predicting the observed bedrock ages and the detrital
thermochronometric ages.

In general, erosion rate and 10 Be production rate at a location
within the watershed determines the 10 Be concentration at that location. In turn p s ( w ) also determines the 10 Be concentration in the
detrital sample. Under the assumption of a spatially averaged erosion rate certain simpliﬁcations are justiﬁed. For example, the high
inferred average erosion rate of 0.7 mm/yr (Norton et al., 2011),
and associated young apparent exposure age of 1.03 ± 0.19 ka,
imply that the bedrock 10 Be concentration likely reached steady
state approximately 1 kyr after deglaciation. However, here we allow erosion rate to vary in space, thus parts of the watershed may
erode at low rates such that non-steady state 10 Be concentration
after 10 ka is predicted. For this reason, we calculate 10 Be concentration in space at each node of a 30 m DEM, C w (atoms g−1 yr−1 ),
as a function of mass erosion rate, ε (kg m−2 yr−1 ), and exposure
age, t (Myr):

Cw =

P (sp ) w

λ+

εw
Λ(sp )

 

1 − exp − λ +

εw
Λ(sp )


t

+

P (μ) w

, (7)
λ + Λ(ε wμ)

where P (sp ) w and P (μ) w are the production rate of 10 Be due to
spallation and muon reactions, respectively (atoms g−1 yr−1 ) calculated according to Stone (2000) and topographic shielding is
calculated for each pixel in a 30 m DEM by assuming that the
intensity of the cosmic ray ﬂux is proportional to cos2.3 (φ), where
φ is the zenith angle (Gosse and Phillips, 2001). λ is the decay
constant of 10 Be (4.99 × 10−7 yr−1 , after Chmeleff et al., 2010;
Korschinek et al., 2010), ε w is the sediment yield (g cm−2 yr−1 )
and ε w = ρ e ( w ) where ρ is density (2700 kg m−3 ) and e ( w )
is the erosion rate (km/Myr), and Λ(sp ) is the effective attenuation length for spallogenic production of 10 Be (1600 kg m−2 ).
Λ(μ) is the effective attenuation length for muon production
(15,000 kg m−2 ). The values for these parameters are taken from
Balco et al. (2008).
The error introduced by not incorporating non-steady state effects on 10 Be concentration due to exposure of bedrock following
deglaciation at 10 ka are shown in Fig. 5. Here, we predicted 10 Be
concentrations at a point in the watershed using Eq. (7) and calculated the apparent erosion rate assuming that 10 Be concentration
is at a steady state with erosion rate. As expected, at low erosion rates the relative error is large because insuﬃcient time has
elapsed for steady-state to be reached. Therefore, the predicted
erosion rate would be overestimated. However, at erosion rates
greater than approximately 0.15 mm/yr steady state is reached
rapidly and the effects of exposure following deglaciation at 10 ka
are negligible.
The average 10 Be concentration in the detrital sample, C d , is
equal to:
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the DEM at elevation h i that is located between elevations nodes
at z1 and z2 will have a bedrock age, τi of,

τi = τ1 + (dτ /dz)1 (hi − z1 ).

Fig. 5. The effects of incorporating deglaciation on catchment-wide erosion rate.
Bedrock exposure occurred following Lateglacial deglaciation assumed to have occurred at 10 ka (Ivy-Ochs et al., 2008). For erosion rates less than 0.1 mm/yr, the
error associated with assuming the 10 Be is in steady state with the watershed wide
erosion is reasonably large. This would lead to an underestimation of erosion rates
if a steady state model was assumed.

¨
Cd =





C w p s w  dw  .

(8)

w

In turn, the likelihood of observing the measured
tion in the detrital sand, pd (C d ) is equal to

p d (C d ) =

1

√

σc 2π


exp −

1
2



Co − Cd

σc

10

Be concentra-

2 
,

(9)

where C o is the observed 10 Be concentration and σc is the measurement uncertainty. Therefore, by varying e ( w ), we can maximize the probability of predicting the observed 10 Be concentration.
4.3. The inverse problem
The inverse problem is to determine the spatial pattern of
erosion rate e ( w ) and the bedrock age pattern b( w ), that maximize the likelihood of observing the detrital age distribution,
the bedrock ages and the 10 Be concentration (i.e. pd ( D ) ∗ p b ( B ) ∗
pd ( N D )).
We parameterize both e ( w ) and b( w ) as a function of elevation (Avdeev et al., 2011; Duvall et al., 2012). We use a series of
nodes distributed in elevation to describe e ( w ) and erosion rate
changes linearly between these nodes. For the lowest and highest
nodes, erosion rate is held constant and extrapolated to the lowest
(hmin ) and highest (hmax ) elevations within the watershed, respectively. Values describing the elevation and erosion rate positions of
the nodes can be within the area deﬁned by e min and e max for elevations between hmin and hmax . For example, a pixel in the DEM
at elevation h i that is located between the elevations of nodes at
h1 and h2 will have an erosion rate of,



ei = e1 + hi

e2 − e1
h2 − h1


.

(10)

To describe b( w ), we adopt an age elevation relationship (AER)
based approach by inferring values not of τ and z, but instead,
of τ and dτ /dz (Avdeev et al., 2011). Note, that we use z to describe b( w ) and h to describe e ( w ). Our approach ensures that
age increases with elevation to be consistent with the observed
pattern (Fig. 3). In this approach, the elevation of the lowest node
is deﬁned at an elevation lower than the outlet (here we used sea
level). The “age” of this node is a free parameter. The age of the
second node is also a free parameter and the elevation at this node
is calculated based on the value of (dτ /dz)1 . Therefore, a pixel in

(11)

Avdeev et al. (2011) presented a method to infer these functions based on a Bayesian probabilistic framework and this method
forms the basis of our approach. Here we deﬁne two vectors to
simplify the analysis: β is a vector containing model parameters that describe e ( w ) and b( w ); A is a vector containing the
observations (bedrock ages, detrital ages and detrital cosmic-ray
produced nuclide concentration). In the Bayesian framework, the
distributions of e ( w ) and b( w ) that we wish to approximate are
combined and termed the posterior probability distribution. The
posterior probability distribution of the model parameters β given
the dataset A is a product of the model likelihood function (which
quantiﬁes data ﬁt) with the prior distribution of the model parameters (which quantiﬁes what is known about the parameters “prior” to the analysis): the posterior density is expressed as p (β| A );
the likelihood function is p ( A |β); and the prior probability is p (β).
Therefore, p (β| A ) is expressed as,

p (β| A ) = Cp ( A |β) p (β),

(12)

where C is a constant that ensures that the posterior probability
integrates to unity (Avdeev et al., 2011).
In reality, p (β| A ) is multi-dimensional function that is challenging to calculate analytically. Therefore, p (β| A ) is instead approximated numerically using a Markov Chain Monte Carlo algorithm
to eﬃciently sample parameter space (Hastings, 1970). The MCMC
algorithm is based on a random walk that samples the space of
possible models (Hastings, 1970). At each step of the walk, a new
value of a model parameter is proposed based on a perturbation
from the current model. The value of the proposed parameter is
drawn from a Gaussian distribution centered on the current model
with a standard deviation deﬁned by the user. The proposed model
is accepted or rejected based on an acceptance criterion. This acceptance criterion is the ratio of the probabilities of the current
and proposed model, such that all models are accepted that reduce
data misﬁt yet occasionally, models will be accepted that increase
data misﬁt in proportion to the ratio of the likelihoods. The standard deviation of the proposal distribution controls the rate at
which the algorithm explores parameter space. Once a model is
accepted, this model replaces the current model and a new model
is once again generated as a perturbation of the current model.
This process is typically repeated >10,000 times. Accepted models
are asymptotically distributed according to the target distribution,
and this ensemble is used to approximate the posterior probability
density function.
4.4. Reversible jump Markov Chain Monte Carlo algorithm
Although Bayesian inference allows us to quantify the full state
of knowledge we have about model parameters, the posterior distribution still depends on choices made at the outset, such as the
complexity of the model. Thus, the number of nodes describing
e ( w ) and b( w ) will control the complexity of e ( w ) and b( w ) and,
by extension, p (β| A ). Therefore, we use a reversible jump Markov
Chain Monte Carlo (rjMCMC) algorithm (Green, 1995) to calculate
p (β| A ), which also treats the numbers of nodes as free parameters. This approach is only described brieﬂy here (see Gallagher et
al., 2009, 2011; Sambridge et al., 2013, for reviews).
The rjMCMC algorithm is initialized with a series of random
parameter values that describe e ( w ) and b( w ). A new model is
proposed based on a perturbation from the current model, and
is accepted or rejected based on an acceptance criterion, as with
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The complex transdimensional posterior distribution is challenging to appraise. To obtain an interpretable solution, we project
the posterior distribution onto two different spaces, and simply
consider two density plots of sampled e ( w ) and b( w ). For e ( w ),
this process requires that we discretize the parameter space describing the probability p (e ( w )| A ), which is a 2-D area of size
e ( w ) × h into pixels and determine the frequency at which line
segments describing e ( w ) intersect with each pixel. The resulting
two dimensional histogram approximates the posterior probability
of e ( w ). A similar distribution can be generated to approximate
the posterior distribution of b( w ).
5. Results

Fig. 6. Potential proposals to change erosion rate as a function of elevation. (A) Proposal 1: change elevation of a node. (B) Proposal 2: change erosion rate value of
a node. (C) Proposal 3: Birth of a new node leading to increased the complexity.
(D) Proposal 4: Death of a node leading to decreased complexity. Erosion rate at a
speciﬁc elevation is linearly interpolated from the two bracketing elevations. However, for elevations lower than the lowest node, or higher than the highest node,
erosion rate is extrapolated to hmin or hmax , respectively.

the MCMC algorithm. There are eight distinct proposals that are
possible: 1) the elevation of the node describing erosion rate can
move (Move); 2) the erosion rate at a node can change (Change);
3) the number of nodes describing e ( w ) can be increased (Birth);
and 4) the number of nodes describing e ( w ) can be decreased
(Death); 5–8) the same proposals occur describing b( w ) as outlined in (1–4). Proposals (1–4) are highlighted in Fig. 6. The magnitude of the new values are drawn from Gaussian distributions
centered on the current model with a speciﬁed standard deviation
of θ1 through to θ8 for proposals (1) to (8).
Proposals are accepted based on the acceptance probability. For
Move and Change proposals (i.e., (1), (2), (5) and (6)) the acceptance probability is proportional to the likelihood ratio of the
proposed to the current model. This ensures that proposals that
improve data ﬁt are always accepted and those which decrease it
are accepted with probability equal to the ratios of the likelihoods.
For Birth and Death proposals (i.e., (3), (4), (7), and (8)) the acceptance criteria favor models that reduce data misﬁt yet penalize
models that are overly complex.

We ran the rjMCMC algorithm outlined above with the parameters controlling the model perturbations tuned to provide acceptance rates of 30–40%. We ran the chain for 500,000 models.
The ﬁrst 10,000 models form the ‘burn in’ phase, after which the
Markov chain is thought to have converged. These ﬁrst models are
discarded from the posterior distribution.
Results are plotted as a function of elevation for both the
elevation–erosion rate relationship and the age–elevation relationship (Fig. 7). In the mid- to upper-elevation ranges (1500–2700 m),
erosion rates are low and well-resolved by the model. We also
predict high rates within the ﬂuvial portion of the landscape at
elevations <1000 m (Fig. 7B), however these rates are not as well
resolved. Differences in resolution, and therefore uncertainty, are
expected due to the hypsometry of the watershed.
With the exception of a single age, the data comprising the AER
are relatively well reproduced by the model (Fig. 7C). We predict
that age increases slowly with elevation until about 12 Ma. Age
then increases at approximately 0.4 km/Ma until 15 Ma and then
the AER decreases again to approximately 0.05 km/Ma until 25 Ma.
Additional numerical modeling would be required to interpret this
AER in terms of an exhumation rate history. However, we note that
the decrease in the slope of the AER suggests a decrease in longterm exhumation rate at approximately 12 Ma consistent with previous interpretations of (U–Th)/He data from the Bergell (Mahéo
et al., 2012; Fox et al., 2014). We also predict a 10 Be concentra−1
tion at the outlet of the catchment of 15.1 ± 1.7(×104 ) atoms g qtz
which is in close agreement with the observed concentration of
−1
16.9 ± 2.2(×104 ) atoms g qtz
(Norton et al., 2011).
The average modern erosion rate within the ﬂuvial section of
the landscape below approximately 1200 m is ∼1.8 mm/yr, calculated as the weighted average of the posterior distribution. Erosion
rate across the intermediate section is much lower at approximately 0.6 mm/yr and this is in good agreement with the average
watershed erosion rate constrained from the 10 Be cosmic ray produced nuclide concentration. Finally, we observe close agreement

Fig. 7. (A) Hypsometry of the Codera watershed. (B) Predicted modern erosion rate distribution as a function of elevation. (C) Predicted apatite ﬁssion track age elevation
relationship. The colors relate to posterior probability and the black curves show the expected model, which is a weighted sum of the ensemble of models that make up the
posterior distribution. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)
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Fig. 8. Comparison between measured detrital ages, black dots, and model predicted detrital apatite ﬁssion track ages. Ages are predicted using the approach of
Vermeesch (2007) for the expected model.

between the model predicted detrital ages using the expected erosion rate distribution (black curve in Fig. 7B) and the detrital measured ages (Fig. 8), where the modeled ages are generated using
the approach of Vermeesch (2007).
6. Discussion
6.1. Fluvial incision
Our erosion rates can help determine whether incision of the
ﬂuvial portion of the landscape occurred following late-glacial
deglaciation, under the assumption that modern erosion rates are
representative of interglacial erosion rates. The erosion rate in
the ﬂuvial portion of the landscape is approximately 1.8 mm/yr
and the maximum depth of the ﬂuvial section below the projected glacial valley ﬂoor is ∼500 m. The erosion rate for the
intermediate U -shaped portion of the landscape is approximately
0.6 mm/yr. The difference in erosion rate between the two portions of the landscape (∼1.2 mm/yr) is at least two orders of
magnitude less than may be expected if the gorge formed at a
constant rate following deglaciation (500 m/15.5 ka ∼ 30 mm/yr).
Alternatively, we can ask: how much time might be required to
incise the gorge? An approximation of the onset of incision is the
time in the past when the elevation of the inner gorge and the
U -shaped portion are equal, i.e. (e 1 ) ∗ t onset = (e 2 ) ∗ t onset + 500,
where e 1 is the erosion rate within the gorge and e 2 is the erosion rate at higher elevations: re-arranging this equation predicts
an onset of ﬂuvial incision of approximately 0.4 Ma. However,
this onset is considerably older than the Lateglacial and therefore suggests that the gorge has been preserved through multiple
glaciations (Montgomery and Korup, 2011; Thomson et al., 2010;
Godon et al., 2013). Furthermore, if we assume that ﬂuvial erosion
occurs predominantly during interglacial periods, then roughly
twice as much time is required to incise the gorge (as roughly the
other half of the time corresponds to glacial periods), suggesting
that the onset of gorge formation was at approximately 0.8 Ma.
Three possible mechanisms support slow glacial erosion during
glacial periods and thus enabling the ﬂuvial portion of the landscape to be preserved. First, observations (Shuster et al., 2011)
and numerical models (Hallet, 1981; Alley et al., 1999; Sternai
et al., 2013; Egholm et al., 2012a; Pedersen and Egholm, 2013)
of glacial erosion suggest that glaciers erode through headwall
propagation. Therefore, once a wave of incision has propagated
though a speciﬁc part of the topography, erosion rates decrease.
Second, the narrow V -shaped cross sectional proﬁle of the ﬂuvial portion of the watershed likely reduces local sliding velocities
as the valley walls will exert a side-drag on the ﬂowing ice (e.g.

Svensson, 1959; Harbor et al., 1988; Cuffey and Paterson, 2010;
Egholm et al., 2012b). And third, sub-glacial fracturing during early
cold cycles may have been enhanced by high bedrock stresses remaining from the long (>10 Myr) warm interval leading up to
the Middle Pleistocene Transition. Leith et al. (2014) argue that
these stresses beneath thinning glaciers drove initial formation of
U -shaped Alpine valleys, and point out that stress relief during
the subsequent interglacial cycle is likely to have prevented fracturing during later glaciations. The presence of glacial ice is then
expected to have played a stabilizing role in the landscape during
more recent cold cycles.
A conceptual model of the formation of the topography in the
Bergell is described below. First, we suggest that the majority
of glacial erosion occurred early in the history of glaciation at
approximately 1 Ma as has been suggested in the Central Alps
(Haeuselmann et al., 2007), and documented in other locations
(Shuster et al., 2005; Shuster et al., 2011). As with many tributaries to overdeepened alpine valleys, it’s likely that bedrock from
the Codera Valley drops steeply below the sedimentary ﬂoor of
Val Bregaglia, in part due to differences in erosive potential of
glaciers of different sizes (e.g. MacGregor et al., 2000; Anderson
et al., 2006). The surface slope of the sediments ﬁlling the Val Bregaglia is presumably controlled by the transport capacity of the
river which we assume is relatively constant over long timescales.
Ongoing rock uplift in this part of the Alps (Fox et al., 2014),
would lead to a reduction in accommodation space in the Val Bregaglia if the bedrock at the base of the valley was not eroded
at the same rate as it was uplifted, evidenced by pre-LGM sediments in several large alpine glacial valleys (Preusser et al., 2010;
Bini et al., 2007). Once the hanging valley was exposed above the
level of sediment ﬁll, sub-aerial erosion and ﬂuvial incision would
dominate.
If however, erosion rates were signiﬁcantly higher following
the Lateglacial deglaciation, the ﬂuvial portion of the landscape
could have formed more recently. In addition, we cannot exclude the possibility that the ﬂuvial portion of the landscape was
in fact deepened during glacial periods by subglacial meltwater
(Dürst Stucki et al., 2012; Jansen et al., 2014). Additional work,
modeling the erosional potential of the subglacial meltwater, may
help determine the contribution of this mechanism.
6.2. High erosion at high elevations
We also predict high erosion rates at high elevations that may
be related to rock fracture by ice segregation (Taber, 1950; Walder
and Hallet, 1985; Akagawa and Fukuda, 1991; Hallet et al., 1991;
Murton et al., 2006; Hales and Roering, 2009; Sanders et al., 2012),
although this signal is less well resolved. In the Alps, debris is
produced at high elevations and is transported to river channels
through debris ﬂows (Stoffel et al., 2005; Cossart et al., 2008).
Such, debris ﬂows are observed in the Codera watershed, consistent with this hypothesis. Furthermore, the elevation range where
erosion rates are high is similar in elevation to the watersheds that
are most affected by frost cracking in the Western Alps (Delunel et
al., 2010).
6.3. Catchment-wide 10 Be derived erosion rates
The use of cosmic ray-produced nuclides to constrain watershed
averaged erosion rates has been applied to a range of geomorphic problems since the pioneering works of Brown et al. (1995),
Granger et al. (1996), and Bierman and Steig (1996). Here, we infer
a large range of erosion rates across the small Codera watershed,
which may be expected from the topography. Our comparison of
the 10 Be concentration and the apatite ﬁssion-track age distribution in river sediment highlights the fact that average basin-
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scale erosion rates inferred from single measurements of sedimentary 10 Be concentrations can obscure large intra-basin variations in erosion rate (Brown et al., 1995; Bierman and Steig, 1996;
Delunel et al., 2014).
7. Conclusions
We have developed a method to infer the spatial pattern of
erosion rate using a joint analysis of bedrock and detrital thermochronometric ages and the detrital cosmic ray-produced nuclide
concentration. Our approach is based on the work of Avdeev et
al. (2011) however, here we have incorporated a reversible jump
Markov chain Monte Carlo algorithm, enabling us to cast the inverse problem in a fully non-linear probabilistic framework, and
infer model complexity along with the spatial pattern of modern
erosion rate and the thermochronometric age as a function of elevation.
If we assume that the modern erosion rate pattern is representative of interglacial periods, the spatial pattern of erosion rate
allows us to estimate the onset of incision of the ﬂuvial portion of
the watershed. If we assume that we can project the modern erosion rate constrained for the ﬂuvial portion of the landscape back
through time, we predict that ﬂuvial incision in the lower parts
of the Codera watershed has been underway for approximately
0.4 Ma. However, the watershed has been glaciated for approximately half of the last 1 Ma. Therefore, if we integrate the modern
erosion rate at low elevations solely through interglacial periods,
we would estimate the onset of ﬂuvial incision to be ∼0.8 Ma.
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